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Nonfractional Crystallization of a Terrestrial Magma Ocean 
VIATCHESLAV S. SOLOMATOV AND DAVID J. STEVENSON 
Division of Geological and Planetary Sciences, California Institute of Technology, Pasadena 
It has been suggested that evolution of a terrestrial magma ocean does not unavoidably follow 
a fractional crystallization scenario. Convection is able to preclude differentiation until a sharp 
viscosity increase occurs near some critical crystal fraction. However, this kind of crystallization 
and its physical and chemical consequences have not been previously studied. •Ve consider an 
end-member, called here nonfractional crystallization. We begin with a simple equilibrium ther- 
modynamical model of partial melts which is based on an ideal three-component phase diagram. It 
allows a self-consistent calculation of physical and chemical parameters in the melting range at all 
interesting pressures. In particular, adiabats of the convecting magma ocean are calculated. The 
sharp increase in the viscosity is supposed to occur near the maximum packing crystal fraction. 
However, almost independently of this value, convection occurs even in the highly viscous quasi- 
solid part of the magma ocean and it is strong enough to prevent differentiation in deep regions. 
A kind of compositional convection occurs due to the layered differentiation, although it is weaker 
than the thermal convection. Only a surface region undergoes an essential differentiation via melt 
expulsion by compaction. The thickness of this layer depends on the rheology of partial melts, 
critical crystal fraction, and crystal sizes but in any case the basal pressure hardly can exceed 
5 - 10 GPa. Because of lower pressures in the Moon, the thickness of the differentiating layer 
is large and thus the entire lunar magma ocean could undergo a strong differentiation. Remelt- 
ing due to the energy released by differentiation is crucial only for much deeper layers (possibly 
deeper than about 1000 km for the Earth). For the remaining shallow layer (p < 5 - 10 GPa) 
the predicted increase of the melt fraction is less than 40 % at the surface and decreases to zero 
at the bottom of the differentiating layer. Thus, the nonfractional crystallization is suggested to 
be a likely alternative to the fractional crystallization. The crucial and still poorly understood 
factors are suspension in convective layers, theology of partial melts, crystal size, and surface 
conditions. The most pronounced chemical consequence of the nonfractional crystallization is an 
ahnost completely preserved undifferentiated lower mantle and possibly a significant undifferen- 
tiated part of the upper mantle. At all depths, in the beginning of differentiation not only the 
fit'st llquldus solid phase but also subsequent phases have been partially crystallized. So, when the 
differentiation begins, it involves nfixtures of phases. It is important for the remaining layer where 
differentiation is unavoidable: this layer does not have as strong differentiation of minor elements 
as in the case of fractional crystallization but it will still involve differentiation of major elements. 
Future geochemical calculations of this multiphase differentiation, considering both major and 
minor elements, could help to constrain the differentiation further. 
INTRODUCTION 
No one doubts that the Earth underwent some differen- 
tiation, but the way in which it happened and the results 
of this differentiation are subjects of intensive debates. The 
hypothesis of a terrestrial magma ocean in the early history 
of the Earth is an attractive way to get final or almost finaJ 
differentiation of the Earth in one stage. So far, differentia- 
tion of a terrestrial magma ocean was studied mostly with 
the help of geochemical approaches. Several models have 
been suggested. Ohtani et al. [1986], Ohtani and $awamoto 
[1987], Herzberg and Gasparik [1991], and Herzberg [1992] 
suggest that the peridotite upper mantle can be a result 
of majorite fractionation. Agee and Walker [1988] argue 
for a subtraction of perovskite and addition of olivine in 
a chondritic Earth. Similar calculations by Ito and Taka- 
hashi [1987], and Takahashi and Ito [1990] suggest a small 
perovskite fractionation. Studies by Kato et al. [1988a, b], 
Ringwood [1990], McFarlane and Drake [1990], Drake et al. 
[1992] and McFarlane et al. [1992] show that fractionation 
of major components causes an extreme fractionation of mi- 
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nor elements. Such a fractionation would be inconsistent 
with geochemical data. However, Murthy [1991, 1992] and 
Jones et al. [1992] show that the partition coefficients used 
in minor element calculations could be quite different at high 
temperatures and require more accurate analysis. Moreover, 
Walker and Agee [1989] argue that the experiments on par- 
tition coefficients can be influenced by nonequilibrium ef- 
fects and showed that the perovskite fractionation hypothe- 
sis could be consistent with both major and minor element 
data. 
In addition, the evolution of the Earth after the magma 
ocean period can be Mso an important part of the entire 
history of differentiation [e.g., Zindler and Hart, 1986]. 
As Taylor and Norman [1992] summarize, the Earth 
might never have had a magma ocean, or the magma ocean 
somehow avoided stratification, or the Earth was rehomog- 
enized, or the initial composition of the Earth was different 
from what we usuMly assume. And, of course, M1 these 
factors together with still unrecognized ones, can mix in un- 
known proportions. 
Investigation of the physics of magma oceans can pro- 
vide additional constraints. Tonks and Melosh [1990] argue 
that the turbulent convection in the magma ocean is able to 
preclude crystals settling. The problem of suspension is de- 
veloped by Solomatov and Stevenson [this issue (a)], where 
the fractional crystMlization is shown to be avoidable, al- 
though some problems such as rheology of partial melts and 
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crystal sizes remain to be solved. It is also argued that if 
the fractionation does not take place at the liquidus, then 
crystallization without differentiation proceeds further until 
a sharp viscosity transition occurs. 
Neither the work by Tonks and Melosh [1990] nor by Solo- 
rnatov and Stevenson [this issue (a)] answer the question on 
what happens if the crystallization without differentiation 
is able to reach a large crystal fraction. Tonks and Melosh 
[1990] find that the rate of crystallization is fast in compar- 
ison with the percolation. They conclude that the magma 
can not escape from the matrix on the time scale of crystal- 
lization to 50-60% and that the magma ocean solidifies in 
equilibrium. However, after crystallization to 50-60% of the 
crystal fraction, the system unavoidably undergoes differ- 
entiation via melt percolation. In this case, the important 
factor is the competition between the differentiation rate 
and the rate of further crystallization via cooling controlled 
by high-viscosity convection. Moreover, the energy release 
upon differentiation can remelt most of the mantle, and 
a secondary, chemically differentiated global magma ocean 
can form. So, the problem of what happens if the fractional 
crystallization has been avoided has not been solved. 
Abe [1991, 1992] considers a parameterized model of evo- 
lution where differentiation is controlled by competition be- 
tween sedimentation and turbulent diffusion. The author 
assumes that the crystals do not influence convection. How- 
ever, this influence can be crucial [Solomatov and Stevenson, 
this issue (a)]. For example, this is the factor which controls 
whether or not the fractional crystallization is avoidable at 
all, or whether or not the sedimentation is possible at all. 
Another problem is that convection and differentiation in a 
solidlike region (beyond the critical crystal fraction) occur 
in a laminar regime where the entire concept of turbulent 
diffusion is inapplicable, and other approaches are required. 
Convection in the solidlike regions of a deep magma ocean 
is also quite different: on the magma ocean time scales it is 
driven not only by the heat flux from the magma ocean but 
mostly by the difference in slope between the critical crystal 
fraction temperature curve and the "wet" adiabat, as will 
be shown in this paper. 
The present paper continues the discussion of the physics 
of a terrestrial magma ocean. We assume that the fractional 
crystallization does not take place and sedimentation is neg- 
ligible, and consider consequences of. differentiation which 
starts only when some critical crystal fraction is reached. 
We develop an analytical self-consistent thermodynamical 
model of a multicomponent magma ocean in the melting 
range and place the theological transition at a critical crys- 
tal fraction. The possible range for this parameter is cal- 
culated in some simple way suggested for suspensions ( ee 
below). This turns out to be not as important as uncer- 
tainties in other parameters. The thermodynamicM model 
is used also to find thermodynamical parameters and tem- 
perature distribution in the convective magma ocean ("wet" 
adiabats). 
Convection in quasi-solid and solid regions of the magma 
ocean is estimated. Its role in reducing of differentiation 
turns out to be crucial. Effects of compositional convection 
and remelting due to differentiation are also considered. 
THERMODYNAMICS OF A MAGMA OCEAN 
What is the simplest system with the help of which we 
can reproduce thermodynamics of the magma ocean in up- 
per mantle? Miller et al. [1991a, b] parameterized the phase 
diagram of a magma ocean at small pressures with the help 
of an assumed solidus and liquidus and an assumed variation 
of the crystal fraction between these two curves. To under- 
stand basic features of more realistic systems, we consider 
a self-consistent model which is based on the assumption 
of ideality. This model uses properties of the components 
and predicts phase and compositional changes, and corre- 
sponding changes in multiphase thermodynamical parame- 
ters during various kinds of evolution. The upper mantle 
consists mainly of olivine and pyroxenes. So, we could con- 
sider a two-component ideal olivine-pyroxene system. Such 
a system is a sufficient approximation unless we are too close 
to the solidus where this system predicts steplike melting at 
the eutectic point. Pyroxene is responsible for most of the 
complicated transitions in the mantle and can form a vari- 
ety of eutecticlike systems or solid solutions [e.g., Fei et al., 
1990; Herzberg and Gasparik, 1991]. Thus, to understand 
the basic thermodynamics near the solidus we consider a 
more complicated system, assuming that the pyroxene is 
a complex, low MgO/SiO2, two-component system. This 
subsystem will be considered as a eutecticlike system (as, 
for example, clinopyroxene and orthopyroxene at low pres- 
sures) or a solid solution (as, for example, a garnet at high 
pressures). Although none of these systems is a good ap- 
proximation at all pressures, these three-component models 
give us a range of variants. 
The lower mantle is believed to be more simple except for 
a possible phase transition of FeO [Jeanloz and Ahrens, 1980; 
Knittle and Jeanloz, 1991]. The composition of the lower 
mantle can be approximated by a mixture of perovskite and 
magnesiowiistite [e.g., Ohtani, 1985; Ringwood, 1990]. Be- 
cause most of the iron is in the magnesiowiistite [Bell et al., 
1979; Ito and Yamada, 1982], for the phase diagram cal- 
culations (but not for density difference calculations) it is 
reasonable to model the lower mantle as a three-component 
mixture of perovskite, periclase, and wiistite in which per- 
iclase and wiistite form a solid solution. This is a develop- 
ment of a two-component model described by Miller et al. 
[1991a, b]. 
The thermodynamicM model of the three-component sys- 
tem follows. First of all, the thermodynamics of magma in 
the melting range can be described using only two thermody- 
namical coordinates, e.g., T and P, if conditions of the local 
thermodynamical equilibrium are satisfied as we assume in 
this paper. Consider the case when two components form 
a solid solution. In this case we use indices i and 2 for the 
components which form a solid solution and index 3 for the 
last component. Suppose that the system is ideal and the 
chemical potentials of the liquid phases are expressed as 
t t(0) 
• = • + RTlnN•, i=1,2,3 (1) 
and the chemical potentials of the solid phases are the fol- 
lowing 
t•i = t• © + RTlnN[, i=1,2 (2) 
• 40) tta =tt a (3) 
where the superscript 1 means liquid and s means solid; tt! ø) 
is the chemical potential for pure component i; Nf 't is the 
mole fraction of the component in the liquid or in the solid: 
, ("? + 
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ni is the mole fraction of the component i in the total sys- 
tem: 
3 
y•.(n• q- n•) = 1, (5) 
R is the gas constant, T is the temperature. 
In the case of the eutecticlike system, the chemical poten- 
tial for each solid phase is 
= (6) 
In the closed system, 
s 
ni +hi =n•, i= 1,2,3 (7) 
where ni is the mole fraction of the component i in the 
system. 
Conditions of thermodynamical equilibrium require 
' ' (s) 
We suppose that the thermal capacities at constant pres- 
sure are the same for liquid and solid phases of a component 
and that the entropy changes on melting are constants. The 
dependences of n• on temperature and pressure then form a 
system of explicit and transcendental algebraic equations. 
The Gibbs free energy is written as 
3 
y• s I l G = (n•tti q- nitti). (9) 
i=1 
Equations ( 1)-(9) completely describe the system, and 
now we can derive all thermodynamical functions. They are 
found in the following forms' 
= c-; + j i=1 P 
o• =• + • -•- k, aT J (12) i--1 P 
-- /X vi On ti 
= + Y] i=l T 
vTa • 
cv -- cp t?T (14) 
/?• -- lgT c---v (15) 
Cp 
where v is the molar volume of the system, cp and c• are 
the heat capacities per mole at constant pressure and vol- 
ume, a is the coefficient of thermal expansion, ]•T and ]•s are 
the isothermal and adiabatic compressibilities, Asi and 
are the molar entropy and molar volume changes on melt- 
ing, v, cp, •, 1•. are the average parameters of the mixture 
determined by the equations 
3 
- • 'v•) (16) v = + 
i=1 
3 
--=•-•(n s s I I cp i cp q- nicp) (17) 
i=1 
3 
-- Z(sss tit a = nivi ai + niv•ai) (18) 
i=1 
Because the values of the thermodynamical parameters of 
the pure components both in liquid and solid states are far 
less than the multiphase additives, we consider only the sim- 
plest approximation. We suppose that cp • cv • 3kB per 
atom (kB is the Boltzmann constant), KT • Ks =/• and 
assume linear dependence of the Griineisen parameter on 
volume [e.g., Anderson, 1974; Boehler and Ramakrishnan, 
1980]. The thermal expansion can be written as 
or 
a= 7cv _ 70cv _ ao (20) I( I _ 
vKT voKT 1 + •p 
(V) KI a=c•o -- (21) v0 
because of the approximate relationship 
v I q- p (22) 
- 
where the subscript zero refers to zero pressure and K' is the 
derivative of K with respect to pressure evaluated at zero 
pressure. The same dependence is assumed for both solids 
and liquids. 
The dependence (21) is exactly the same obtained by 
Chopelas and Boehler [1989]. They found experimentally 
the power law with the exponent 5-6, which is close to the 
typical values of K' for solids and liquids [see also Anderson, 
The volume changes on melting are connected with the 
melting curve slopes as 
dTo• 
•v• = •si dp (•3) 
where Toi(p) is the melting temperature of the component 
i. The entropy change on melting is usually a very weak 
function of pressure [Stishov, 1988], and we assume that it 
is constant. 
The final anMytical description of the above models con- 
sists of a simple but rather bulky system of transcendental 
equations, and their details will not be written here. How- 
ever, it is necessary to explain which parameters are impor- 
tant for the calculations we are interested in. In the ideM 
model we consider, the essentiM parameters are molecular 
fractions of the components, their melting temperatures and 
entropy changes on melting. Together with thermodynam- 
ical properties of the single components, these parameters 
completely describe the system. It is a well-known fact that 
the exact chemistry does not play any role in ideM systems 
[e.g., Landau and Lifshitz, 1980]. Moreover, the molecular 
weight, the entropy change on melting, and the melting tem- 
perature are important mostly in combination. For example, 
Mmost the same result is obt•ned if we simultaneously in- 
crease the melting temperature of a component and decrease 
its molecular fraction. These effects are obvious in a linear 
appro•mation where M1 parameters are combined into one 
controlling nondimensionM parameter. 
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Thermodynamics of the Upper Mantle 
We suppose that the thermodynamical properties of the 
both pyroxene components are close to that of enstatite (Ta- 
ble 1) but the melting temperatures are different. 
The model is constrained as follows. At zero and small 
pressures (< 1.5 GPa) the model must fit the data com- 
piled by McKenzie and Bickle [1988]. At higher pressures, 
experiments with peridotites [Takahashi and Scarfe, 1985; 
Scarfe and Takahashi, 1986; Ito and Takahashi, 1987] and 
with chondrites [Ohtani and Sawamoto, 1987] were used to 
constrain the liquidus and solidus and to get the liquidus 
phase change around 13 - 15 GPa. The difference between 
chondrites and peridotites is not so essentiM for our pur- 
poses, although our model clearly shows that extracting of 
low MgO/SiO2 components shifts the liquidus phase change 
to higher pressures, in accordance with Ohtani [1990]. •Ve 
fit the data with the help of the melting curves of the com- 
ponents. 
The results of this fit are shown in Figures 1, 2, and 3. 
Calculations of thermodynamical parameters at zero pres- 
sure and the adiabats in the upper mantle pressure range 
for the solid solution case are also shown. 
The thermodynamical behavior in partially molten re- 
gions has a simple explanation. First of all, all normalized 
parameters are equal to I out of partially molten regions 
(when the system is completely solid or completely liquid). 
Crystallization of a solid phase causes a steplike increase 
in the thermodynamical parameters. Thermal capacity, for 
example, increases due to release of the latent heat, ther- 
mal expansion or compressibility, due to the volume change 
upon melting and so on. Not the total amount of the new 
phase but the rate of its change with temperature or pres- 
sure is important. This is the reason for a steplike behavior 
at the onset of a new phase. The slope of the adiabats is 
correspondingly changed at these phase boundaries. 
Significant qualitative and quantitative differences be- 
tween the eutecticlike system and the system with a solid 
solution are as follows. In the first case, the system exhibits 
a steplike melting at the solidus (usual eutectic melting) but 
in the case with a solid solution the melting is continuous. 
The increase in the thermodynamical parameters due to the 
crystallization of the second phase is within one order of 
magnitude or so in the case of eutecticlike system but can 
be larger in the second case. Depending on the solid so- 
lution parameters, this increase can be arbitrary large. In 
the limit when the solution forming components are essen- 
tially similar, the solid solution is reduced to an effectively 
single component, and the entire three-component system 
is reduced to a simple two-component eutectic system. In 
TABLE 1. Thermodynamical properties of pyroxene and olivine 
(data from Ohtani [1983]) 
Pyroxene Olivine 
Toi K 1830 2163 
As/R 4.0 6.8 
cv/R 15 21 
t•, g mol -x 100 140 
dToi/dP, K GPa -• 128 41 
v •, cm 3 mole -• 31.44 43.79 
c• •, 10 -5 K -• 1.4+ 3.1+ 
2.50 x 10 -3 T 0.85 x 10 -3 T 
K•, GPa 103.5 125.4 
•l, 10-5 K-• 6.4 9.5 
K•., GPa 20 58 
this limit, all thermodynamical parameters increase to infin- 
ity within the interval (which reduces to zero) between the 
solidus and the temperature of the second phase appear- 
ance, a result of steplike melting. In the solid-solution case 
a turnaround of the curve behavior near the solidus is due 
to an increased amount of the component with low melting 
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Fig. 1. Thermodynamics of three-component eutecticlike model 
of perldotite in the melting range. Results of the calculation of (a) 
weight liquid fraction and the effective thermodynamical parame- 
ters of the multiphase system: (b) thermal expansion, (c) thermal 
capacity at constant pressure. (d) and isothermal compressibility. 
The thermodynamic parameters are normalized to the averaged 
mixt. of ( 17)- (19)) 
is normalized to the temperature difference between the solidus 
and liquidus temperature and the zero of the temperature lies half 
way between liquidus and solidus. The molar fraction of olivine is 
2/3. The solid curves are labeled by the ratio of the pyroxene 
components which are supposed to have similar properties except 
for slightly different melting temperatures (1800 and 1900 K). In 
Figure 1 (a) the experimental data at different pressures (crosses, 
0 _< P _< 0.5 GPa; squares, 0.5 < P _< 1.5; triangles, 1.5 < P) 
and the parameterization curve (dotted line) are from McKenzie 
and Bickle [1988]. 
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Fig. 1. (continued) 
temperature because near this end of the solid solution the 
rate of change in the amount of crystallizing phase increases 
with approach to the solidus (second derivative is positive). 
At high pressures the adiabats are even steeper than the 
liquidus in the beginning of solidification and almost parallel 
to the solidus in the cotectic field. At lower pressures the 
model gives approximately the same adiabats as those of 
McKenzie and Bickle [1988]. 
Although it is hardly possible to expect an agreement 
between the melting curves used as adjustable parameters 
with real experimental melting curves, some similarity at 
low pressures is found for olivine and pyroxene. In the tran- 
sition region (15- 25 GPa), the melting curves used as ad- 
justable parameters are much higher than the experimental 
melting curves of major minerals [Ohtani, 1983; Scarfe and 
Takahashi, 1986; Kato and Kumazawa, 1990]. Moreover, the 
comparison might have no sense at these pressures because 
of a possible incongruent melting of the olivine [Ifato and 
Kumazawa, 1990]. 
Thermodynamics of the Lower Mantle 
The lower mantle is supposed to consist mainly of 
(Mg, Fe)SiO3-perovskite and magnesiowfistite, the per- 
orskite being considered as one component (almost pure 
MgSiO3) while magnesiowiistite is a solid solution between 
periclase and wfistite. 
The melting curve of perovskite was experimentally inves- 
tigated by Heinz and Jeanloz [1987] in the pressure range 
25- 60 GPa and by Knittle and Jeanloz [1989] up to the 
pressure 96 GPa. Theoretically this curve was estimated by 
1.0 
0.8 
0.6 
0.4 
0.2 
0.0 
-0.5 -0.3 -0.1 0.1 0.3 0.5 
TEMPERATURE 
6O 
w - 0.3 - I 
p- 
•o 
0 i I ,, I , I , I , 
0.0 0.2 0.4 0.6 0.8 1.0 
TEMPERATURE (COTECTIC FIELD) 
Fig. 2. Three-component model of peridotire •vith a pyroxene 
solid solution. Parameters are the same as in Figure I but the 
temperature in Figures 2b-2d is normalized to the difference be- 
tween the temperature of the pyroxene appearance and the solidus 
temperature. The curves are labeled by the molecular ratio of a 
low-melting temperature component (1300 K) to a high melting 
temperature component (1700 K). The nondimensional tempera- 
ture "0" corresponds to the solidus, and "1" to the temperature 
of pyroxene appearance. The region between the liquidus and 
the beginning of the corectic melting is essentially similar to that 
of the eutecticlike system. The molar fraction of olivine is again 
2/3, and the various curves are labelled as in Figure 1. 
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Fig. 2. (continued) 
Ohtani [1983] with Kraut-Kennedy and Simon equations, 
Poirier [1989] with a Lindemann equation, and Stixrude 
and Bukowinski [1990] with a possibly more fundamental 
approach based on the thermodynamical properties of both 
liquid and solid. 
We consider two variants of the melting curve for per- 
ovsldte. The high melting temperature variant is obtained 
with a Lindemann equation to satisfy experimental data 
near 25 GPa and is close to the Poirier's curve: 
Tprv,high ----2500 + 26p - 0.052p 2 (24) 
We assumed that the Grfineisen parameter at zero pressure 
is equal to 1.73, the bulk modulus is 266 GPa, and its pres- 
sure derivative is 3.9 [Knittle et al., 1986; Knittle and Jean- 
loz, 1987]. 
The lower melting temperature variant is an approxima- 
tion to both experimental data of Heinz and Jeanloz[1987], 
and Knittle and Jeanloz [1989] and theoretical curves pre- 
dicted by Strixrude and Bukowinski [1990]: 
Tprv,low = 2500 q- 26p -- 0.1p 2 (25) 
For MgO and FeO we also consider the upper and lower 
melting temperature curves. The upper melting tempera- 
ture curves are close to Ohtani's [1983] curves at high pres- 
sures: 
Tprc,high ----3098 + 67p -- 0.2p 2 (26) 
Twit,high = 1648 + 46p -- 0.1p 2 (27) 
The lower temperature curves are found with the help 
of Lindemann's equation which are also approximated by 
quadratic polynomials: 
3500 I I I 
3000 - 
/ 2500 
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1000 • • • 
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28OO 
2400 
2000 
16oo 
1200 
I I i 
ra 
+ 
(b) 
0 5 10 15 2o 25 
PRESSURE 
Fig. 3. (a) The melting curves found for olivine and for the 
"pyroxene" components, which fit the experimental data for the 
melt fraction (Figure 2), solidus and liquidus. (b) The solidus, 
liquidus, temperature of the second phase appearance (dashed 
line) and adiabats are shown for the upper mantle region together 
with the experimental data for peridotites from McKenzie and 
Bickle [1988], $carJ•e and Takahashi [1986], and lto and Takahashi 
[1987]. Liquid region is marked with triangles, solid region with 
crosses and the partially molten region with squares. The First 
liquidus phase is olivine at P < 13.7 GPa and garnet (in our 
simplified model it is, of course, simply a solid solution between 
low MgO/SiO2 components of our "pyroxene"-like phase). 
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Tprc,low = 3098 + 37.6p -- 0.104p 2 (28) 9000 
Tw•,low -- 1648 + 27p -- 0.069p 2 (29) 8000 
where we supposed that for MgO the Grfineisen parame- •' 
ter at zero pressure is equal to 1.32, the bulk modulus is '• 
162.7 GPa, its pressure derivative is 4.27 [Anderson et al., • 
1968]. For FeO, the correspondent values are 1.63 [Jeanloz • 
and Ahrens, 1980], 158, and 4[Jeanloz andSato-Sorensen, • 
1986] We note that the recent experimental data obtained w 
' EL 
by Knittle and Jeanloz [1991] for Fe0.940 are close to the • 
high-temperature variant for FeO, although Boehler [1992] Lo 
found lower values that drop the estimates down to our low- 
temperature melting curve. The melting curve for MgO has 
been recently calculated with the help of molecular dynamics 
simulations [Gong and Cohen, 1991; Belonoshko, 1992]. At 
high pressures, it is higher than even the high-temperature 
curve taken from Ohtani [1983] and requires further justifi- 
cation. 
In accordance with the above variants we consider three 
sets of melting temperatures: Tprv,high, Tpr½,low, Twit,low 
(model 1), Tprv,low, Tprc,low, Tw•t,,ow (model 2), and 
Tp•v,low, Tp•c,nign, Tw•,,nign (model 3). The extension of the 
perovskite field (the temperature range between the solidus 
and cotecries) decreases from model 1 to model 3. 
The entropy changes on melting are supposed to be equal 
to ks per atom, as this is approximately true for simple 
systems [Stishov, 1988] and also for silicate minerals. 
The thermal expansion at zero pressure is calculated using 
the known values of the Gr/ineisen parameter at zero pres- 
sure and the densities of the components at zero pressures' 
3.6, 5.9, 4.1 gcm -3 for periclase, wiistite and perovskite re- 
spectively. 
Because the lower mantle is simplified to an ideal sys- 
tem consisting of three minerals (MgSiOs, MgO, and FeO) 
the molar fraction of magnesiow/istite Cmw slightly depends 
on how we estimate the reduced composition. The value 
0.33 corresponds to the unit molecular olivine/pyroxene ra- 
tio, 0.29 corresponds to the pyrolite composition [Ringwood, 
1970] if we take only SiOa, MgO, FeO, and 0.31- 0.32 
corresponds to the molar fraction of magnesiowiistite in a 
chondritic mantle (using estimates from Ringwood [1970] 
and Ohtani [1983]). So we varied the magnesiowiistite Fig. 
molar fraction in the range 0.25-0.35, while the ratio 
Fe/(Fe + Mg) = 0.1 [Ringwood, 1970] was kept constant. 
The results of calculatioas are shown in Figures 4, 5, and 
6. From model 1 to model 3 the magnesiowiistite solid- 
ification field is extending so much that in the last model 
it becomes the liquidus phase at some pressure. It is an 
unavoidable consequence of the high melting temperature 
of MgO and to a lesser extent of FeO. In some melting ex- 
periments on chondrite or peridotite systems it was difficult 
to determine what is the first liquidus phase, perovskite or 
magnesioiistite [Ohtani, 1990]. So, it is possible that the 
magnesioiistite indeed can substitute perovskite as the first 
liquidus phase. 
In the limit of a very "strong" phase transition, the slope 
of adiabats would be approxi•nately equal to the slope of the 
phase boundary. Together with a small difference in slope 
between the adiabats and the phase boundaries at high pres- 
sures, this explains why the partially molten region extends 
over a large depth interval, which is even larger than the 
interval predicted by Miller et al. [1991]. 
In model 2 the solidification of the first liquidus phase be- 
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4. Model 1: High melting temperature of perovskite and 
lower melting temperatures of periclase and wiistite. (a) Melt- 
ing curves for perovskite, periclase and wiistite. (b) The calcu- 
lated adiabats (solid lines) correspondingto this model. The total 
molar fraction of magnesiow•stite is 0.30. Solidus and liquidus 
curves are shown with heavy solid lines, and the boundary of the 
second phase appearing (perovskite in this case) is shown with 
the dotted line. The first liquidus phase is perovskite. 
gins not from the bottom but in the point where the adiabat 
is parallel to the liquidus curve. This unusual behavior is 
due to a flattening of the perovskite melting curve at high 
pressures. 
BEGINNING OF DIFFERENTIATION 
Rheological Boundary 
Calculated adiabats assume a strong convection without 
differentiation in the entire magma ocean. However the vis- 
cosity increases when the temperature drops and at some 
critical value the suspension ceases and the differentiation 
begins [Solomatov and Stevenson, this issue (a)]. We a•st 
estimate the crystal fraction at which changes in the dynam- 
ical regime occur. 
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Fig. 5. Model 2: Lower melting temperature of perovskite and 
lower melting temperatures of periclase and wiistite. Solidifica- 
tion of the first liquidus phase begins not from the bottom but at 
the level of about 80 GPa, where the gradually dropping adiabat 
of the cooling magma ocean first intersects the liquidus. The first 
liquidus phase is also perovskite. 
The factors that influence the Newtonian viscosity of par- 
tial melts are the temperature, pressure, composition, and 
crystal fraction. Along the liquidus the viscosity is about 
10 -2-1 P depending on pressure (see discussion by Soloma- 
toy and Stevenson [this issue (a)]). The temperature change 
in the melting range results in variations of the viscosity of 
less than I order of magnitude [e.g., Shaw, 1969]. The com- 
position change of the melt in the melting range increases 
the viscosity by 2-3 orders of magnitude at small pressures 
mainly because of the increase in silica fraction during solid- 
ification [Bottinga and Weill, 1972; McBirney and Murase, 
1984]. This trend in the viscosity change may not be relevant 
at higher pressures where the first liquidus phase is garnet or 
perovskite because in this case, silica fraction decreases dur- 
ing crystallization. The above values can be compared with 
an important convective regime threshold: transition from 
turbulent to laminar flow. It requires a viscosity increase 
to 105 - 10 TM P [Solomatov and Stevenson, this issue (a)]. 
Only crystal fraction change causes the viscosity to increase 
enormously, from the pure liquid value up to the viscosity 
of solids (10 •s - 102• P at the solidus). Thus we consider 
the crystal fraction as the main parameter controlling the 
Newtonian viscosity. 
Models of NewtonJan viscosity of concentrated suspen- 
sions predict different dependence of the viscosity on 
the crystal fraction [e.g., Mooney, 1951; Roscoe, 1952; 
Brinkman, 1952; Krieger and Dougherty, 1959; Murray, 
1965; Frankel and Acrivos, 1967; Cambell and Forgacs, 
1990]: 
. - (30) 
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Fig. 6. Model 3: Lower melting temperature of perovskite and 
high melting temperatures of periclase and wilstite. The first 
liquidus phase is changing near the 50 GPa from perovskite to 
magnesiowiistite. 
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be (33) 
where a, b, n are constants which are approximately equal to 
a • 1, b • 2.5, n • I - 3, •/0 is the viscosity of pure liquid, 
and ½,• is the maximum packing volume fraction. 
An important feature of all the models is that the viscosity 
changes significantly only in a small vicinity of the maximum 
packing solid fraction ½,•. The viscosity increase required 
to change the convective regime from turbulent to laminar 
is reached when ½,- ½ < 10 -• - 10 -•. Thus ½,• effectively 
determines the transition to quasi-solid viscosity and the 
beginning of differentiation. 
The maximum packing crystM fraction can be cMculated 
independently. It is usually a measured rather than a purely 
theoretical parameter, and it is defined as a volume fraction 
of particles which can be reached for a given system. It can 
be measured in different ways that Mso require some selec- 
tion flows [McGeary, 1961; Lee, 1970; Chong et al., 1971; 
Cumberland and Crawford, 1987]. Cumberland and Craw- 
ford [1987] note that the largest change in ½,, takes place 
on the transition from mono-size to binary mixture. It is 
naturaJ to consider a binary olivine-pyroxene mixture for 
the upper mantle and perovskite-magnesiowfistite mixture 
for the lower mantle. In this case, ½m -- 0.639 if all crys- 
tMs have the same radius; the maximum value for a binary 
mixture consisting of two different sizes is 0.86. Such an 
increase is explained by the fact that very small crystals 
can easily occupy the spaces between large crystals, which 
effectively increases the total maximum crystal fraction of 
the system. We assume a spherical shape of the crystals, 
although in some cases, this can overestimate the maximum 
packing fraction because any roughness of the surface or de- 
viation from a sphere increases the effective volume occupied 
by the crystals [Cumberland and Crawford, 1987]. 
The dependence of the maximum packing solid volume 
fraction of the binary mixture on the crystal radius ratio 
and on the fraction ratio in the entire parameter range is 
calculated with the approach suggested by Lee [1970], and 
Chong et al. [1971] (both papers considered the viscosity 
of suspensions) and Cumberland and Crawford [1987] using 
experimentM data of McGeary [1961]. The result is shown 
in Figure 7. 
Composition of Phases in the Beginning of Differentiation 
The position of the boundary between the convective sus- 
pension region and the almost immobile solidlike region of 
packed crystals is determined by intersection between the 
adiabat which is the averaged temperature curve in the 
convective magma ocean and the temperature curve along 
which the crystal fraction is equal to the maximum packing 
crystal fraction. 
The ratio between the velocity Urh of this boundary (a 
theological front) to the melt percolation velocity Uper½ is 
an important parameter that was emphasised by Tonks and 
Melosh [1990]. It is clear from considering two limiting cases. 
If Uper½ >> Urn, the melt escapes from the matrix to the low- 
viscosity region that unavoidably results in changes of the 
composition of the melt and finally to a strong stratification. 
If Up,re << Urn, the magma ocean solidifies up to some critical 
crystal fraction without any essential differentiation. 
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Fig. 7. Maximum packing solid volume fraction for the binary 
mixture of particles versus the volume fraction of the large par- 
ticles. The curves are shown for different radius ratios. 
Note that the compaction length is very small [McKen- 
zie, 1984] and the dynamics of differentiation is determined 
mainly by percolation. The percolation velocity is estimated 
from the Ergun-Orning formula which is suitable for the 
melt fractions considered [Soo, 1967; Dullien, 1979]: 
4gApr 2 (1-- ½)2 • ( 10-9 _10-4) cm s-• (34) up,re = 150•/• ½ ' 
where the crystal radius is equal to r • 10 -2 - 10 -• cm 
(because we assume nonfractional crystallization, which is 
valid only if the crystal radius is smaller than 10 -2 - I cm; 
see Solomatov and Stevenson [this issue (a), (b)]) and near 
the critical crystal fraction ½,, • 0.7 the melt viscosity is 
•?t = I- 103 P depending on the pressure. 
In solidifying of the lower mantle, the velocity u•h is equal 
to 
FAd _• 
u,h • p(Lck-t- cpAT)M ~ (10-3  10-2) cm s , (35) 
where F • 10 s - 10 • ergs cm -2 s -x is the surface heat flux 
[Solomatov and Stevenson, this issue (a)], A • 5.1 x10 •s cm 2 
is the Earth's surface area, d • 2 x 10 s cm is the thickness 
of the lower mantle, L • 10 xø ergs g-• is the latent heat of 
solidification (it is approximately proportional to the tem- 
perature and about 2 times larger than that one at surface 
conditions), and ½ •-0.5 and AT •- 1000 K are the changes 
in the total solid fraction and averaged temperature upon 
the solidification of the lower mantle. Thus, the solidifi- 
cation to the critical crystal fraction is much faster than 
the differentiation rate, in agreement with the conclusion of 
Tonks and Melosh [1990]. 
For the upper region (p ( 15- 25 GPa) the solidification 
is slower because of the drop in the heat flux and associ- 
ated drop in cooling rate. Solomatov and Stevenson [this 
issue (a)] estimate that in the absence of a surface theo- 
logical boundary layer the heat flux during solidification of 
the upper mantle is about 10 s erg cm -2 s -• for the radia- 
tive blackbody and 10 • - 10 ? erg cm -2 s -• in the case of 
a steam atmosphere. Formation of a theological boundary 
layer due to solidification near the surface would reduce the 
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heat flux to 105- 107 erg cm -2 s -• in both cases. Sub- 
stituting F • 105- l0 s ergcm -2s -•, d • 6 x 107 cm, 
L • 5 x 109 erg g-•, ½ • 0.7, and AT ~ 300 K we find 
Urh • (1.0 -6 -- 10 -3) cm s -• (36) 
which may still be larger than the percolation velocity. The 
estimates depend on the boundary conditions, on the crystal 
sizes and on the viscosity of pure melts at high pressures. 
These estimates show that the cooling and crystalliza- 
tion up to the limiting crystal fraction are so quick that 
the planet first crystallizes until this fraction is reached and 
only after that does differentiation begin. Thus, the calcu- 
lation of the composition of the melt and solids near the 
maximum packing crystal fraction can be done assuming 
that the total composition is not essentially modified dur- 
ing solidification. We calculate the composition of the solids 
and melt along the curve of the critical solid fraction. The 
results are summarized in Figure 8. In the case of solidifi- 
cation of the lower mantle, M1 models demonstrate that not 
only perovskite but also magnesiowiistite has mostly solidi- 
fied before the maximum packing is reached. Other phases, 
particularly CaSiO3, also can be significantly solidified at 
this moment. Moreover, if the melting temperature of MgO 
is really as high as in the model 3 (Gong and Cohen [1991], 
and Belonoshko [1992] predict even higher values), then our 
model shows that magnesiow/istite is the first liquidus phase 
in most of the lower mantle. 
In the case of the solidification of the upper mantle (Fig- 
ure 9) the maximum packing volume fraction of solids is 
also reached when the second phase has mostly solidified 
together with the first phase. 
The main result of these calculations is formulated as fol- 
lows. For the Newtonian model of the theology of partial 
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Fig. 8. Lower mantle: arnonnt of magnesiowtistite remaining 
in the melt (as a ratio to the total mount of magnesiowiistite 
in the system) at the beginning of differentiation (near the max- 
imnm packing crystal fraction) depending on the radius ratio of 
perovskite crystals to magnesiowiistite crystals. This parme- 
ter is averaged over the entire lower mantle pressure range. The 
curves are shown for different total fractions of magnesiowtistite: 
0.25 (dotted nnes), 0.30 (thin •ond nn•4, and 0.35 (heavy sond 
lines) and for different melting curve sets: model 1 (M1), model 
2 (M2), and model 3 (M3), presented in Figures 4, 5, 6. 
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Fig. 9. Upper mantle: The same calculations as for the lower 
mantle (Figure 8). Because of the crystallization sequence change, 
the dependence of the amount of the second solid phase remaining 
in the melt on the olivine/pyroxene radius ratio is shown for two 
pressure ranges. Solid lines, averaged over the pressure range 
0- 13.7 GPa (pyroxene is the second liquidus phase); dotted 
lines, averaged over the pressure range 13.7- 25 GPa (olivine is 
the second liquidus phase). The curves are calculated for the total 
pyroxene fraction 0.3, 0.4, and 0.5 (the thickness of the curves 
increases correspondingly). This illustrates a dependence on the 
composition changing from a depleted, peridotitelike system to 
an undepleted, chondritelike system, correspondently. 
melts and for sufficiently small crystal sizes, the differenti- 
ation begins (the suspension ceases) when the solid frac- 
tion contains different phases, not only the first liquidus 
phase. Minor element partitioning involves multiphases of 
this multicomponent solid fraction. This model is qualita- 
tively different from the models used in previous geochemical 
calculations where one-phase differentiation was considered. 
However, the beginning of differentiation does not necessary 
mean that the differentiation can be finished. We show this 
in the following sections. 
CAN SOLID STATE CONVECTION REDUCE 
DIFFERENTIATION? 
What is going on in the region beneath the theological 
front, which has been solidified to the critical crystal frac- 
tion? Is it a dynamically inactive region? Can the trapped 
melt solidify, or it is differentiated after the solidification 
of the entire magma ocean to the critical crystal fraction? 
Certainly it undergoes differentiation. But certainly a solid 
state convection begins at some moment and provides fur- 
ther cooling and crystallization of the magma ocean. In 
this section we consider the competition between these two 
effects. 
For simplicity, we ignore the heat flux from the core 
(which can only help the following arguments) and suppose 
that at the critical crystal fraction, the viscosity changes 
from the viscosity of a suspension (which is not so different 
from the viscosity of pure melt) to the viscosity of solid just 
near the solidus. This extreme value of the quasi-solid vis- 
cosity gives a lower bound for the intensity of the convection 
beyond the critical crystal fraction. We defined earlier the 
term theological front, which is now a sharp boundary be- 
tween a quasi-liquid and a quasi-solid region, which moves 
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up in cooling of the magma ocean. The melt fraction at this 
transition is still large (~ 0.6- 0.7). The intersection of the 
averaged temperature curve with solidus will be called the 
soliditication front. The melt is absent at this boundary. 
In the low-viscosity region, the averaged temperature dis- 
tribution is almost adiabatic. In the high-viscosity region 
(below the theological front) the temperature first follows 
the critical crystal fraction line which is almost parallel to 
the solidus. 
Figure 10 illustrates the development of convection in this 
high-viscosity region. The temperature distribution parallel 
to the solidus is convectively unstable when the thickness of 
the quasi-solid region exceeds a critical value determined by 
-- Racr ~ 10 3 (37) 
where • is the thermal diffusivity, • is the kinematic viscos- 
ity, and the superadiabatic density gradient firh is equal to 
the difference between the gradient of the theological bound- 
ary (line of constant crystal fraction) and the adiabatic gra- 
dient: 
rh 
~ • sol '•'2 )ad] ' (38) 
The thermal expansion coefficient c• is an effective one for 
partial melts (see previous ections). 
We find 
gflrh ' (39) 
Substituting Ra½r • 1000, the thermal diffusivity n • 
10 -3 cm 2s -•, the viscosity of the solid near the solidus 
ys • 10 •s cm 2 s -• and/3•h • 10 -9 cm -• we obtain 
•8 ) •/4 dc• 10 1018 cm 2s -1 km. (40) 
Note that • = k/pcp, where k is the thermal conductivity, 
and the superadiabatic gradient /3•n are estimated for the 
multiphase system from the thermodynamicM models. Thus 
when the quasi-solid region is only 10 km thick, it becomes 
convectively unstable. 
The convective velocities in the quasi-solid region are esti- 
mated as follows. At the critical level the convective veloci- 
ties are about the thermal diffusion rate n/d ~ 10 -9 cm s -•, 
which is much smaller than both the velocity of rising of the 
rheological front and the percolation velocity of the melt. So 
the quasi-solid region is almost immobile at the beginning of 
convection. The velocity of the Rayleigh-Taylor instabilities 
grows with the thickness of the quasi-solid layer ds as [see, 
e.g., Turcotte and Schubert, 1982] 
U•T • 0.1Apgd• flrhgd3s 
rls rls 
The velocities U•tT and U•h become equal to each other 
when the thickness of the quasi-solid region is about 
• ' \Ra½rn ~ (100-500) 10•s p km. 
(42) 
The velocity in the quasi-solid region cannot be much 
larger than the velocity of the rheological front because 
the quasi-solid region would immediately (in comparison 
with the rate of the moving of the theological front) return 
the system to the equilibrium between these two velocities. 
Thus the velocity Urh is a scale for the convective velocity in 
the quasi-solid region. It is also an estimate for the velocity 
of the advance of the complete solidification boundary. 
An additional important condition must be checked: dis- 
sipation energy production per unit volume 
( ttsølid ) 2 (43) (I)diss • T/ \ /diss 
in the conveering quasi-solid region must be not larger than 
the work done by convection per unit volume 
STRONG CONVECTION 
RHEOLOGICAL FRONT 
UNSTABLE REGION 
RHEOLOGICAL FRONT 
SOLIDIFICATION FRONT 
T 
SOUDIFICATION FRO 
Fig. 10. At some moment the temperature of the convecting 
magma ocean (heavy solid line) intersects the curve at which the 
viscosity sharply increases (which is actually a narrow transition 
region). All dynamical changes occur mostly at that time: sus- 
pension ceases, flow becomes laminar, and convection stops. This 
pressure level is designated as the rheological front. The rheo- 
logical front rises during cooling. The temperature in the high- 
viscosity nonconvecting region follows this rheological boundary 
at which the solid fraction is approximately constant. This "con- 
stant solid fraction temperature" becomes unstable (top figure) 
because the slope of this curve is larger than the adiabatic gra- 
client (adiabat is shown by dashed line) and convection begins in 
the quasi-solid region. The convective velocity reaches the veloc- 
ity Urh of the rheological front (see text for details). The temper- 
ature curve in the quasi-solid region deviates from the adiabat by 
a small superadiabatic gradient, which drives the convection and 
which cannot be larger than some value determined in the text. 
At some moment the temperature drops below the solidus and a 
solidification front forms. Eventually the rheological front reaches 
the surface (bottom figure). At that time the partially molten re- 
gion is limited by the solidification front. Then the heat flux sig- 
nificantly decreases, the superadiabatic gradient drops, and the 
convection becomes much weaker, approaching a "normal" solid 
state convection regime. 
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(I)conv • (?•-•Y. (44) 
cp 
The convective length scale /cony iS the characteristic length 
scale for the velocity changes, which is controlled by the 
theology (see some relevant discussion by $olomatov [1993]). 
We find that 
• 2 • 1/2 •91convF (45) Usolid •  Cp• ' 
This is exactly the velocity scMe for l•min•r convection in 
the l•yer with the thickness/•onv. Substituting/•onv = 107- 
10 s cm •nd F = 10 • - 10 s erg cm -2 s -•, we find that 
-- cm s . U•o•id • (10 -4 10 -•) 
When U•olld ( •rh the velocity in the convective region is 
limited by the scMe(46). This would be the c•e of • solid 
state convection in the E•rth with • he•t flux of 10 • - 106 
times higher th•n the present-day he•t flux from the E•rth. 
I• •y case, the convective velocities •nd the solidification 
r•te •re l•rger th•n the percolorlon r•te. Thus the tempera- 
ture in the quasi-solid region drops below the criticM crystal 
fr•ction line •nd must •ppro•ch the calculated equilibrium 
•di•b•ts even in this quasi-solid or completely solid region. 
The important question now is how much the temperature 
curve deviates from the •di•b•t. The super•di•b•tic tem- 
vetue aient dT'/dz = dT/dz- (dT/dz)a co..cta 
with the density gradient (p•r•meter • = d(•p/p)/dz) 
c•n be estimated from the requirement that the velocity of 
the R•yleigh-T•y]or instability in the super•di•b•tic region 
must be sraMlet or equM to the convective velocity: 
3 
•gl•on• 
In the c•se of usuM constant viscosity convection this results 
in • well-known temperature fluctuation scMe •w•y from the 
thermal boundary ]•yers for ]•min•r convection [Golitsyn, 
' (4s) 
For the problem considered we find 
tiT' / dz • 3 (d/dZ)r- ( . (49) 
The moment when the convective velocity becomes 
sraMlet th•n the percol•tion velocity c•n be estimated as 
follows. Consider the l•t stage of the crystMliz•tion, when 
the rheologicM front •ppro•ches the surface. The he•t flux 
drops by severM orders of m•gnitude within • n•rrow tem- 
perature intervM 50- 100 K near the rheologicM transition 
[So•o•too •,d St•o•,•o,, •hi• i•ue (•)]. Whe, the vote,- 
tim temperature drops below the rheo]ogic• transition, then 
the low-viscosity region beneath the surface wnishes. This 
means that the formation of the thetraM boundary ]•yer 
controlling the he•t loss occurs in •n effectively solid region, 
•nd the he•t flux, the cooling r•te, the super•di•b•tic gradi- 
ent, •nd the convective velocities decrease by m•ny orders of 
m•gnitude •t this point. So we •ssume that the convective 
velocity becomes sraMlet th•n the percolorlon velocity in • 
n•rrow potentiM temperature r•nge •bove the temperature 
of the rheologicM transition •nd thus this transition c•n be 
•ppro•m•tely considered as •n ideM sharp one. 
The superadiabatic temperature distribution is caJculated 
at the moment when the convective velocity is about equal 
to the percolation velocity estimated by its upper bound, at 
the critic•.l cryst•.l fraction. The superadiabatic gradient is 
determined by the equation 
3 /•g/½onv (50) 
From Fig. 11 we see that it becomes negligible if the crystal 
radius (it controls uv•½) is less than 10 -2 - •0 -• cm or so. 
Thus the "unimpeded" complete melt extraction can take 
place at pressures smaller than 5- 10 GPa, an approximate 
bottom of the layer when this extraction occurs. 
In the case of the Moon, this pressure is larger than the 
pressure in the center of the Moon, and thus the entire lunar 
magma ocean must undergo differentiation. 
The problem depends on various factors, such as the the- 
ology of partial melts (it controls, for example, the theo- 
logical transition and the theology just above the solidus) 
and the crystal radius or, in general, permeability. Strongly 
time-dependent convection in this theologically complicated 
system and at high Rayleigh numbers also needs further 
study. 
COMPOSITIONAL CONVECTION DUE TO DIFFERENTIATION 
Let us consider an additional buoyancy effect resulting 
from the differentiation and working independently on the 
thermal convection. Suppose that the mantle has been crys- 
tallized up to the theological transition or more. The re- 
maJning liquid in the lower mantle is denser than the crystal 
mixture by about 0.1- 0.3 gcm -3, depending on pressure, 
because it is enriched in iron. It is qualitatively consistent 
with the results by /]//illcr el aL [1991a, b] (although our 
model cannot be used for accurate solid-melt density differ- 
ence calculations). For the upper mantle, in the pressure 
range between 15 and 25 GPa, the garnet-rich crystal mix- 
ture is probably denser than the melt, in the pressure range 
between 8 and 15 GPa the olivine-rich crystal mixture is 
less dense than the melt, and at pressures less than about 8 
GPa they are denser than the surrounding melt [Agee and 
Walker, 1988]. Thus the partially crystallized magma ocean 
can have severaJ layers with different and even opposite ve- 
locities of percolation. 
A simple consequence of this layered differentiation is a 
compositionaJ convection: when differentiation takes place 
in the lower layer, the light component rises up and mixes 
the upper layers. On the other hand the differentiation in 
an upper layer forms a dense layer at its bottom. It is also 
gravitationally unstable with respect to the lower layer. The 
physics of this kind of compositional convection is similar to 
that was studied experimentally by Huppert et al. [1991]: 
sedimentation of suspended particles in the lower region 
forms a differentiated layer which can be lighter than the 
upper layer. This is the basic mechanism of this kind of 
compositional convection. To estimate this effect, we note 
a similarity between different kinds of convection when the 
driving mechanism is buoyancy forces. In such a case, the 
important parameter is the buoyancy flux [Golitsyn, 1978]. 
In the case of a usual thermal convection, the buoyancy flux 
is equal to 
c•F 
= --. 
½p 
In the case of differentiation, the buoyancy flux is equal to 
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Fig. 11. Calculations of superadiabatic temperature distribution 
with the condition that the convective velocities in the quasi- 
solid layer are equal to the percolation velocity of the melt: (a) 
the system with one pyroxene solid solution (as in Figures 2, 
and 3); (b) the eutectic-like system (as in Figure 1). Two values 
of the potential temperature chosen correspond to 0.5 and 0.7 
crystal fractions. Three values of crystal radius are considered: 
10 -2, 10 -1 , and 1 cm. Only in the last case does the temperature 
deviate substantially from the adiabat. The ratio between the 
viscosity of the solid just near the solidus and the viscosity of 
the melt is 10 •4, the convective length scale is 300 km. Note 
a step-like melting of the eutectic system (Figure 11 b) at the 
solidus. 
(52) 
where Apt> is the driving density difference produced by 
the melt extraction. For example, if we suppose that in a 
lower layer (e.g., in the lower mantle) the melt moves down 
then the driving density difference is the difference between 
the density of the upper layer consisting of the matrix with 
melt and the density of the matrix of the lower layer after 
the melt extraction. A compositional boundary layer less 
dense with respect to the upper layer is formed on the top 
of the lower layer. It rises up and drives convection in the 
upper layer. The amplitude of the convective velocities of 
this compositional convection is 
UD e,o (I)D e,o ApDUrercC, , (53) 
where d and • are the thickness and the viscosity of the 
upper quasi-solid layer in the considered example. 
At low melt fractions the ratio of this velocity to the per- 
colation velocities is about 
uv • d (54) 
•perc 
which is for V•/V• • 10 x4 and d/r • 10" gives the ratio 
10 •. So the velocity of this compositionM convection can 
be larger than the percolation velocity. This means that a 
complicated remi•ng (in the magma ocean there could be 
several differentiated layers) takes place at the same time as 
the differentiation. 
The ratio of this velocity to the convective velocities due 
to the thetraM convection is about 
= • .F (•) 
and for the vMues of the parameters considered in the previ- 
ous section is about 10 -s - 10 -a << 1. So the compositionM 
convection is weak and can be ignored in comparison with 
the solid state convection considered in the previous sec- 
tion. 
REMELTING DUE TO MELT EXTRACTION 
The differentiation in the remaining surface layer of the 
mantle releases some energy that produces additional melt 
and thus increases the extent of differentiation. The released 
energy consists of a gravitational part and a thermal part. 
The upper bound for the thermal energy transported by melt 
is of the same order of magnitude or less than the gravita- 
tional energy [see estimates by McKenzie, 1984]. We note 
that the real value can be significantly smaller: the energy 
release due to adiabatic upwelling of the melt is essentially 
compensated by the energy consumption due to adiabatic 
downward motion of the solid matrix required from the mass 
conservation condition. The ratio of these two values is pro- 
portional to dtCt/ds½s • 1, where dt is the adiabatic path 
of the melt and ds is the adiabatic path of the matrix. In 
the following estimates we ignore the thermal energy release 
and consider only the gravitational energy release. 
Suppose that the melt fraction is small, the density differ- 
ence between the solid and the melt is small, and the melt 
percolates upward. Let us choose the vertical axis z with 
the zero level at the bottom of the differentiating layer. To 
estimate the distribution of the released energy with z after 
the melt extraction, we note that the gravitational energy 
is transformed to heat through viscous dissipation. Thus at 
a given level z the energy release between this level and the 
bottom of the differentiating layer (z = 0) is determined by 
the gravitational energy release Ea(zl) in the interval be- 
tween 0 and z. If the initial melt distribution is zo(z), then 
per unit area 
Eo(z) = Apg (z -- z•)zo(z•)dz,. (56) 
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This energy is spent on melting: 
= (57) 
where L is the latent heat and x• (z) is the melt fraction pro- 
duced by reme]ting of the solid matrix. Solving the integral 
equation EG(z)= EM(z), we find 
ß = pL 
For the linear initial melt distribution x0(z) = •o(d)z/d, 
where d is the thickness of the differentiating layer, we obt•n 
x•(z) = x0(d) (59) 
where 
= pL ' 
Continuing the fractional melt extraction, we find the 
melt fraction after n extractions 
a:,(z) = x0(z)Rm '• ... xo(z•) •z•... dz%. (61) 
The tot• melt extraction is equM to 
Xm(Z) = X0(Z) + lim • x•(z). (62) 
k=l 
In the c•se of linear initi• melt distribution we find 
xm(z) = x0(d)[exp (•Rm) --1] • X0(Z)[1 + ••]R•
For x0(d) = 0.3 -0.4 the complete remelting first occurs 
•t the top of the l•yer (•(d) = 1) •t R• = 1.6- 2.1. This 
vMue corresponds to the l•yer thickness 
2pL dm • •pg • 1 x l0 s cm, (64) 
where we substituted •p/p = 0.1 •nd L = 5 x 109 ergs g-•. 
In the previous sections we showed that the differentiation 
c•n involve only • thin l•yer, possibly less th•n about 300 
km. For such • l•yer, R• • 0.6, which corresponds to •bout 
40 % melt fr•ction increase •t the surface. Thus the rem•n- 
ing differentiating l•yer of the m•gma ocean can squeeze the 
melt without •ny essenti• remelting Mthough the remelting 
of the uppermost layers is sensitive to the thickness of the 
differentiating l•yer. 
CONCLUSION 
1. An analytical thermodynamical model of a partially 
molten magma ocean is developed for an ideal system in the 
approximation of local thermodynamical equilibrium. Adi- 
abats of a convective magma ocean are calculated for the 
upper and lower mantle. 
2. A strong convection occurs even in the quasi-solid re- 
gions and the motion of the solidification front can be much 
faster than differentiation. This prevents differentiation in 
deep regions. Only a surface region limited by a pressure 
about 5-10 GPa undergoes a strong differentiation via per- 
colation of the residual melt. 
3. A kind of compositional convection occurs due to a 
layered differentiation. It remixes the differentiating layers 
but it is weaker than the thermal convection. 
4. Remelting due to differentiation is important for deep 
layers (possibly deeper than 1000 km). For the remaining 
shallow layer of the magma ocean the melt fraction increases 
to 40% (at the surface). Further progress in understand- 
ing the differentiation and final stratification of the magma 
ocean requires knowledge of the theology of partial melts 
and the kinetics of the crystal growth. 
5. The most important chemical implication of the non- 
fractional crystallization is that a magma ocean could leave 
almost no traces of its existence in deep layers. The esti- 
mates of the composition of the melt and solids in the be- 
ginning of differentiation (near the maximum packing crys- 
tal fraction) show that at this point, in the entire pressure 
range, not only the first liquidus solid phase but also sub- 
sequent phases have been partially crystallized. Thus any 
differentiation involves mixtures of minerals. Qualitatively, 
the degree of differentiation of minor elements could decrease 
with increase in the degree of crystallization due to equili- 
bration between several coexisting solid phases. It depends, 
of course, on the partition coefficients. Thus the differen- 
tiation could avoid strong differentiation of minor elements 
resulting from the models of fractional differentiation. Fu- 
ture mass balance calculations can find a solution (a differ- 
entiation boundary) which could satisfy both the major and 
minor element constraints. 
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